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Abstract Episodic tremor and slip (ETS) in subduction zones is generally interpreted as the manifestation
of shear slip near the base of earthquake-generating portion of the plate interface. Here we devise a new
method of cross-correlating stacked Array of Arrays seismic data that provides greatly improved tremor
locations, a proxy for the underlying slow slip, beneath the Olympic Peninsula. This increased resolution
allows us to image many features of tremor that were not visible previously. We resolve the spatial transition between the rupture zones of the inter-ETS and major ETS episodes in 2010, suggesting stress redistribution by the former. Most tremor migrations propagated along the slowly advancing main tremor front
during both the inter-ETS and the major ETS episodes, even though the main front of the former deviated
strongly from its usual (along-dip) orientation. We ﬁnd a distinct contrast between along-dip rupture extent
of large-scale rapid tremor reversals (RTRs) to the south and that to the north in our study region that anticorrelates with the locations of inter-ETS events. These RTRs originate from the main front, similar to
smaller-scale RTRs previously observed at high-resolution, and many start by propagating along the main
front. This could be consistent with RTRs being triggered by a cascading failure of brittle asperities. After
initiation, the RTRs repeatedly occupy the same source region, and the early repetitions appear not to be
tidally driven. Their stress drop may come from continuing fault weakening processes within the tremor
zone, or loading by aseismic slip in surrounding regions.

1 Introduction
Together, slow slip and tremor provide unique observational constraints on the deformation styles operating near the base of the seismogenic zone [Obara, 2002; Rogers and Dragert, 2003; Obara et al., 2004]; however, the underlying mechanics of episodic tremor and slip (ETS) remain poorly understood. Accumulating
evidence suggests that tremor is comprised of low-frequency earthquake (LFE) swarms located on the plate
interface [Shelly et al., 2007a; Brown et al., 2009; Bostock et al., 2012]. Tremor and LFE locations have been frequently used to infer the detailed behavior of slow slip [Shelly et al., 2007b; Houston et al., 2011; Ghosh et al.,
2012; Rubin and Armbruster, 2013; Peng et al., 2015] because of the high spatiotemporal correlation between
the two phenomena [Rogers and Dragert, 2003; Obara et al., 2004; Bartlow et al., 2011; Hawthorne and Rubin,
2013a]. Two modes of slow slip have been revealed by tremor locations: (1) the main slow slip front,
assumed to be coincident with the leading edge of the slowly migrating tremor, moves along strike at
speeds of 5–15 km/d [e.g., Wech et al., 2009; Ito et al., 2007]; (2) secondary fronts behind the main front
propagate tens to hundreds of times faster (rapid tremor migrations, or RTMs), either roughly along dip
[Shelly et al., 2007b; Ghosh et al., 2010], or back into regions that have already ruptured (rapid tremor reversals, or RTRs) [Houston et al., 2011; Obara, 2012; Rubin and Armbruster, 2013]. Nonetheless, the scarcity of
identiﬁable body wave arrivals during tremor makes tremor locations generally much less accurate than
standard earthquake locations. A promising method for improving tremor location accuracy is to compare
the seismograms of a single short tremor time window at three stations separated by several kilometers
[Armbruster et al., 2014]. This cross-station method was particularly successful beneath southern Vancouver
Island [Armbruster et al., 2014; Rubin and Armbruster, 2013; Peng et al., 2015], and many localized bursts of
RTMs in that region were imaged at a resolution of several hundred meters to less than 2 km, depending
upon location and station distribution.
As opposed to the cross-time (or matched ﬁlter) method that cross-correlates the waveforms of two
nearly colocated LFEs at individual stations [Shelly et al., 2007a; Brown et al., 2009; Bostock et al., 2012], the
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Figure 1. Stacked velocity seismograms at AofA stations of one of the LFE families of Royer and Bostock [2013] located beneath the Olympic Peninsula. The occurrence times of the cataloged LFE events within this family are used to align and stack the seismograms at each station. Each plot represents one array. Blue traces are the north components of the stacked waveforms at each of the array stations. Using
the original cross-station method, we would compare the waveforms at three stations, each from a different array. But the large-amplitude
coda following the main arrival at stations TB and GC would signiﬁcantly degrade this cross correlation. To overcome this, we determine
the arrival time offsets within each array, and then time-shift and stack the waveforms to reduce the coda. The red traces show the stack
of the stacked LFE waveforms within each array. They are dominated by the main arrival and are much more similar to one another. The
maximum amplitude of each trace is normalized to the same height.

cross-station method compares the same time window at different stations. This method takes advantage
of the different stations sharing the same tremor source-time function, which, when the time windows
contain multiple sources in close spatial proximity, more than offsets the disadvantage of not having
identical source-station propagation paths. This criterion is often met during tremor. In addition, the
cross-station method naturally allows for a catalog that is spatially more complete within the imaged
region, whereas the cross-time method as generally applied requires the identiﬁcation of discrete LFE
families. However, the cross-station method requires the response to an impulsive LFE source to be dominated by the main S wave arrival, rather than coda, so that the waveforms at stations several kilometers
apart correlate well [Bostock et al., 2012; Peng et al., 2015]. But this requirement is not always met. For
example, we observe high-amplitude coda following the main arrival in the waveforms of LFE templates
obtained by stacking hundreds of nearly colocated LFEs identiﬁed by Royer and Bostock [2013] beneath
the Olympic peninsula (e.g., Figure 1). Here we revise the cross-station method to detect and locate
tremor in this region by taking advantage of several small-aperture (1–2 km) arrays, referred to as the
Array of Arrays (AofA) [Ghosh et al., 2012], that were operating during the major ETS episodes of August
2010 and 2011, and an inter-ETS event in March 2010. Within each array, the horizontal seismograms of a
single time window at different stations are aligned and stacked to reduce the incoherent coda and noise.
We cross-correlate these stacked seismograms at three arrays to obtain high-resolution tremor locations.
Most of our tremor locations lie within the region along the Cascadia margin that typically slips the most
during ETS episodes [Schmidt and Gao, 2010]. Compared to previous studies that applied the crossstation method to short tremor time windows [Rubin and Armbruster, 2013; Peng et al., 2015], here we
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image a larger source region and, importantly, several large-scale RTRs while the main front was still
within the study region in order to distinguish between competing models of ETS. Additionally, this study
appears to be the ﬁrst to resolve secondary tremor migration patterns during an inter-ETS event (March
2010) during which the main front orientation was nearly parallel to strike.

2 Data and Methodology
In this study, we use horizontal components at stations from the AofA. Each array consists of about 10 stations. Here we focus on the trios TB-BH-GC and TB-BH-LC. We down-sample the AofA stations from 50 to 40
Hz, the same as the sampling frequency of the stations used by Royer and Bostock [2013]. This enables us to
obtain LFE templates by aligning and stacking the seismograms at AofA stations using the occurrence times
of their LFE detections (e.g., Figure 1), which lets us test our method on these templates. The data are ﬁltered from 1.5–6 Hz [Rubin and Armbruster, 2013; Peng et al., 2015].
2.1. Array-Stacking Technique
In this section, we propose an array-stacking technique, and test it on the catalog of LFE families in this
region compiled by Royer and Bostock [2013]. For the purpose of illustration, we show one of these LFE templates in Figure 1.
Using the occurrence times of the LFE events within a particular family, we align and stack the seismograms
at each of the AofA stations to obtain the template waveform at that station alone. These templates can be
viewed as the empirical Greens function for that source-station geometry. Blue traces in Figure 1 show the
north components of one of these stacked templates at all stations of the array trio TB-BH-GC. We select
time windows centered on the S wave arrival in the template waveforms. To reduce the incoherent coda, as
well as noise, we time-shift the horizontal components at each station relative to every other station within
the same array by up to 615 samples, and save the time offsets that maximize the cross-correlation coefﬁcients. As in VanDecar and Crosson [1990], we combine these time offset measurements from all the station
pairs, and form a system of linear equations:
WGm5Wd

(1)
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which is a matrix of size ½NðN21Þ=2113N (N is the number of stations within one array), d is the data vector containing the time offset measurements for all station pairs, m is the unknown vector of length N containing the S-wave arrival times at all the stations relative to the selected reference station of the array
(hereafter referred to as the array time offsets), and W is a diagonal matrix to weight each equation. The ﬁrst
row of G represents the reference station of an array, and its arrival times are set to be 0. The diagonal
entries of W are set to be the squared cross-correlation values for each station pair, except for the reference
station where the weight is 1. Equation (1) is solved in the sense of least squares. Using these array time offsets, we stack the waveforms at the stations of this array after time shifting. The red traces in Figure 1 show
the stack of the individual station stacks within each array obtained via this procedure, after cross correlating and time shifting. We note that relative to the individual station stacks the coda following the main
arrival is signiﬁcantly suppressed, and that these minimal-coda waveforms at the different arrays correlate
well with one another, as required by the cross-station method.
2.2. Cross-Correlating Stacked AofA Data
We segment the horizontal components of the continuous seismograms within each array into 128 s windows that are lagged by 8 s. Within each array, we use cross correlation to obtain the array time offsets and
the stacked array seismograms for each time window. We then choose a three array detector, which deﬁnes
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three array pairs. For each array pair, we time-shift the stacked seismogram at one array by up to 64 s relative to the other, and save the cross-array time offset that maximizes the cross-correlation value CCmax. For
a successful detection, the summation of the circuit of the three cross-array time offsets (Sumoff) is required
to be less than three samples. In addition, the average CCmax value must be at least 0.12, and the smallest
must be at least 0.06. Given a successful detection, we then choose the cross-array time offsets that maximize the average CCmax while simultaneously forcing Sumoff to be 0. Again, we require this average CCmax
to exceed 0.12. These CCmax and Sumoff thresholds are chosen empirically, as a subjective compromise
between maximizing the total number of detections while minimizing those detections that are not spatially and temporally clustered. We believe that most of the latter are false detections. While we do not
employ an explicit clustering criterion, we ﬁnd empirically that employing more stringent quality control
measures tends to signiﬁcantly reduce the number of detections that are not clustered in space and time.
Note that thus far we have not rotated the horizontal components into the horizontal shear wave polarization directions to improve the signal-to-noise ratio [Armbruster et al., 2014; Peng et al., 2015]. But for each
time window, we search for and save the polarization direction that maximizes the point-by-point summation of the stacked seismogram squared at each array; we refer to these as the optimal array rotation angles.
Given two independent cross-array time offsets, tremor locations are determined iteratively using Hypoinverse [Klein, 2002] and the 1-D velocity model of the Paciﬁc Northwest Seismic Network (Puget Sound P3)
[Crosson, 1976], while forcing the tremor to be located on the plate interface as modeled by McCrory et al.
[2012]. Figures 2a and 2b show the tremor locations during the three episodes we examined using the array
trios TB-BH-GC and TB-BH-LC. The spatial distributions of tremor in the two images appear to be quite similar, although the former trio is more sensitive to the southern source regions due to the location of array
GC, while the latter is more sensitive to the northern source areas. As an example, Figures 2c and 2d show
the time offsets between stations BH07 and BH09 of the array BH for independent detections using the two
trios. The smoothly varying spatial pattern, and more signiﬁcantly the consistency of the time offsets using
the different trios, helps validate the method. We note that this array-stacking technique typically results in
about a 10-fold increase in detections compared to the original cross-station method that uses only three
stations (one from each array).
Because long-window locations are an average of many LFEs [Rubin and Armbruster, 2013], we wish to use
shorter time windows to improve the temporal resolution of our catalogs. For short windows, we assume
that the optimal array rotation angles and array time offsets do not vary signiﬁcantly over a length scale of
10 km. We prepare grid points at 15 samples by 15 samples intervals in the cross-array time offsets (crosses
in Figure 2). For computational efﬁciency, only those grid points with a large number of long-window
tremor detections within 10 km are used. The cutoff is typically several hundred events, but varies for the
different array trios. For each grid point, we compute the median optimal array rotation angles and time offsets of these nearby long-window detections. The standard deviation is typically about 158 for the former,
and one sample or less (corresponding to a location error of about 0.5–1 km or less) for the latter, validating
our assumption of negligible spatial variations of these parameters over 10 km. The rotation angels are consistent with the expected slip vector on the fault [Armbruster et al., 2014; Peng et al., 2015]. Then these
cross-array time offsets, array time offsets, and rotation angles are adopted to image limited source regions
( 10 km radius) centered on the corresponding grid point. We shift the cross-array time offsets for each
array pair by up to 615 samples, so that the subcatalogs corresponding to different grid points strongly
overlap. Although we were initially motivated to prepare these grid points and their associated parameters
for use with short-time windows, we apply them to obtain new catalogs of both long-window detections
(128 s lagged by 8 s) and short-window detections (6 s lagged by 1 s). Because adopting the optimal rotation angles improves the signal-to-noise ratio, we can apply more stringent criteria to weed out redundant
or false detections. For example, for the long windows the Sumoff is required to be less than 1.5 samples,
and the average CCmax value must be greater than 0.18, with the smallest  0:09. For the short windows,
Sumoff must again be <1.5 samples, and the average CCmax value must be greater than 0.4, with the smallest  0:25. Other quality control measures and methods for eliminating redundant detections are described
in supporting information. For the rest of this paper, only the catalogs using these gridded parameters are
discussed.
Thus far we have not combined information from more than three arrays in a single catalog, as was done
(using stations rather than arrays) in Armbruster et al. [2014]. Requiring coherence at a fourth array can help

PENG AND RUBIN

TREMOR BENEATH THE OLYMPIC PENINSULA

590

Geochemistry, Geophysics, Geosystems

10.1002/2015GC006141

Figure 2. Long-window (128 s) tremor locations during the 2010 inter-ETS episode and the 2010 and 2011 major ETS episodes, obtained without rotating the seismograms into the shear
wave polarization directions. Triangles indicate arrays within the AofA, and red symbols are the array trio adopted. (a) and (b) Detections in March 2010 (green), August 2010 (blue), and
August 2011 (red) using array trios TB-BH-GC and TB-BH-LC, respectively. (c) and (d) The detections during the three episodes determined for the array trios TB-BH-GC (c) and TB-BH-LC (d).
Color indicates the time offset between two stations of the array BH (BH07: 48.0032oN, 123.0813oW; BH09: 48.0062oN, 123.0865oW). When there is more than one detection at a particular
spot, we plot the mean value of the time offsets. We prepare a set of grid points (crosses) for which we determine average array time offsets and rotation angles for events occurring
within 10 km.
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Figure 3. Short-window detections during several days of (a) the 2010 inter-ETS episode and (b and c) the 2010 and 2011 major ETS episodes. Time progresses from blue to red, with
early (blue) dots plotted on top of late. The rest of the symbols are as in Figure 2. Here the grid spacing is ﬁner than in Figure 2 because the cross-array time offsets have been interpolated to 0.25 samples.

eliminate false detections and increase
location accuracy, at the cost of a
reduction in catalog completeness
with available station and array distributions. Increasing the catalog completeness by combining different
three-array catalogs reduces the relative location accuracy of nearby events
seen by different array trios. Working
with a single array trio appears to be
the best compromise between relative
location accuracy, catalog completeness, and minimization of false
detections.

Figure 4. Comparison of tremor densities during the March 2010 inter-ETS episode and the August 2010 major ETS episode. Triangles are eight arrays, with
green indicating the adopted detector. The study region is divided into 1 km by
1 km squares. Within each square, color indicates the ratio of the number of
detections using short time windows (6 s) during the 2010 inter-ETS episode to
the total number of 6-s detections during both episodes. Only squares with more
than four total detections are included. The main front of the ETS episode propagated along strike at a speed of 12 km/d, while the main front of the inter-ETS episode propagated updip at a slower speed of 5 km/d. The tremor locations during
the two episodes are complementary.
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2.3. Tremor Catalogs and Estimated
Relative Location Error
Using 6 s windows and the TB-BH-GC
trio, we obtain 4784 detections for the
2010 inter-ETS episode (6 days), 12,575
detections for the 2010 major episode
(13 days), and 11,317 detections for
the 2011 major episode (13 days) (Figures 3, 4, 5a, supporting information
Figures S1a and S2a). We estimate the
coherent radiated energy rate in the
adopted 1.5–6 Hz passband by multiplying, sample by sample, pairs of
stacked array seismograms after rotating into the optimal direction, and
averaging the three pairs (as deﬁned
in Rubin and Armbruster [2013] and
equation (1) in Peng et al. [2015]). Then
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Figure 5. Along-strike (N20 W) locations as a function of time for 6 s detections during the 2010 major ETS event using (a) TB-BH-GC and (b) TB-BH-LC. Color indicates log10 of the coherent LFE-radiated energy as deﬁned in section 2.3 (units are arbitrary but consistent among Figure 5 and supporting information Figures S1 and S2). Black curves are computed thrustpromoting tidal shear stresses [Hawthorne and Rubin, 2010]. Traces at bottom are the envelopes of the seismograms at stations TB04 (black), BH09 (red), and GC09 (green) or LC02
(blue), showing the amplitudes of the tremor signal. Black horizontal bars denote the 2010 RTRs shown in Figure 9. RTMs in the south are better imaged by TB-BH-GC, while those in the
north are better imaged by TB-BH-LC.

the relative radiated energy for each 6 s detection shown in Figure 5 and supporting information Figure S1
and S2 are computed by integrating the radiated energy rate over the 2 s interval within the 6 s window
that contributes most to the dot product of those stacked seismograms. The radiated energies are most
often low near the main slow slip front, consistent with previous studies [Rubin and Armbruster, 2013; Sweet
et al., 2014; Peng et al., 2015; Bostock et al., 2015].
We assume that the front width of the smallest RTMs that can be resolved, such as those shown in Figure 6
and supporting information Figure S3, deﬁnes the relative location error. The progression of colors for the
along-dip migrations, and the along-dip extent of the RTMs oriented N-S (e.g., Figures 6d–6f), suggest that the
upper bound of the relative location error is roughly 62 km in the dip direction (corresponding to a spatial
scatter of 4 km). The small along-strike scatter of these along-dip migrations (e.g., Figures 6a, 6c, and supporting information Figures S3b–S3d) suggests that the relative location error is lower in the strike direction, about
61 km, likely because this direction is nearly parallel to the long dimension of the TB-BH-GC trio.
Using 6 s windows and the TB-BH-LC trio, we obtain 2554 detections for the 2010 inter-ETS episode (6 days),
13,441 detections for the 2010 major episode (13 days), and 12,262 detections for the 2011 major episode (11
days; we miss data at array LC from 14 to 15 August 2011) (Figure 5b, supporting information Figures S1b and
S2b). A given three-array detector is sensitive to only portions of fault surface, as determined by the sourcestation geometry and the shear wave radiation pattern of the tremor [Peng et al., 2015]. But for source regions
that both TB-BH-GC and TB-BH-LC can image, the same tremor migrations seen by different trios show consistent patterns (Figure 5, supporting information Figures S1 and S2). We have also tried other three-array
detectors, not shown in this paper, and have obtained consistent migration patterns, although with fewer
detections overall possibly due to less preferable array locations and inter-array spacing.
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Figure 6. Three selected RTMs during each of the 2010 major ETS episode (a–c) and the 2010 inter-ETS episode (d–f). Colored circles are tremor detections using 6 s time windows, progressing from blue to red in time. Background gray dots are all the detections using long windows (128 s) during each episode. We infer the current location of the main front from the
128 s detections that occurred prior to the time window illustrated (black dots). Triangles show the AofA arrays, with red being the detector used. Inset ﬁgures show time series of tidal
shear stress (in kPa) computed for the center of the study region, with the dashed lines marking the limits of the time window shown. The approximate propagation velocity is shown in
the lower right or upper right corner. These RTMs at the main front usually propagate along the main front, even when the main front is oriented nearly N-S.

3. Results
3.1. The Major ETS and Inter-ETS Episodes of 2010
Figures 3 and 4 summarize tremor locations during the inter-ETS and the major ETS episodes in 2010. The
main front of the August ETS event propagates along strike at a speed of 12 km/d, while the main front of
the March inter-ETS event propagates updip at 5 km/d. We observe that the tremor locations for these two
episodes are roughly complementary (Figure 4), with the tremor events that occurred during the inter-ETS
episode being concentrated downdip. The tendency for inter-ETS tremor to occur in the deeper portions of
the ETS zone has been reported previously [Wech et al., 2009; Wech and Creager, 2011; Obara et al., 2010;
Ghosh et al., 2012]. Here we observe that the inter-ETS event dominated the southern downdip portion of
our study region, while the major ETS event dominated the updip areas (Figure 4). Also, we are able to
resolve the sharp drop in tremor densities during the inter-ETS event coincident with downdip edge of the
ETS-dominated areas (Figure 3a). This emphasizes that the inter-ETS episodes may play an important role in
redistributing stress on the plate interface during the slow slip cycle.
3.2. RTMs Propagating Along the Main Front
The orientation of the main front during the 2010 and 2011 major ETS episodes is roughly in the dip direction (Figures 3b and 3c), and we observe numerous RTMs near the main front (e.g., Figures 6a–6c). Since
the propagation azimuths of many RTMs are close to the dip (slip) direction, it has been suggested that their
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Figure 7. Skinny RTRs in the south (a and b) versus diffuse quasi-RTRs in the north (c). (top) Symbols are as in Figure 6. (bottom) Blue trace is the north component of the velocity seismogram at station BH09, and red sections are 6 s windows with detections. Vertical-dashed lines surround the time window shown in map view. Amplitude units are arbitrary but consistent
among all plots in Figures 7, 8, supporting information Figures S4 and S5. In the southern source region, the RTRs are mostly conﬁned to the updip portion of the fault, while the quasiRTRs in the north typically have a 2–3 times larger along-dip extent. Note that the RTR shown in Figure 7a occurred when the tidal shear stresses do not favor thrust motion.

fast propagation speeds may be caused by a slowly migrating main front intersecting a line of slip-parallel
tremor sources [Ando et al., 2010; Ghosh et al., 2010]. However, at least a few RTMs with signiﬁcant elongation of about 10 km perpendicular to the propagation direction argue against their propagation speeds
being an apparent velocity (e.g., Figure 6b, or Figures 8a and 8c of Peng et al. [2015]). Peng et al. [2015] proposed that RTMs near the main front propagate along the main front, consistent with those shown in Figures 6a–6c that we observe beneath the Olympic Peninsula. In addition, we see similar behaviors during the
2010 inter-ETS episode (Figures 6d–6f), even though the main front during that event is oriented roughly
N-S, nearly orthogonal to its orientation during the major ETS episodes (Figure 3). Although tidal modulation of tremor has been reported in both Japan and Cascadia [e.g., Shelly et al., 2007b; Rubinstein et al.,
2008], during all three episodes studied here, RTMs at the main front occur with recurrence intervals much
shorter than tidal periods (Figure 5 and supporting information Figures S1 and S2). This indicates that those
RTMs are more likely to be driven by local processes than by tidal forcing. These observations suggest that
the mechanics controlling the behaviors of RTMs during the major and the inter-ETS episodes could be similar, and support rather forcefully that migration patterns of these RTMs are mainly controlled by the local
main front orientation even though slip-parallel fabrics may exist on the fault.
3.3. Anticorrelation Between RTR Rupture Extent and Inter-ETS Event Locations
During the major ETS episodes, tremor well behind the main front is intermittent, and often occurs in the form
of RTRs [Houston et al., 2011; Thomas et al., 2013; Peng et al., 2015] and, as we have observed with our highresolution locations, quasi-RTRs [Peng et al., 2015]. There appears to be a distinct contrast between the migration patterns of the RTRs in the southern portion of our study region and those to the north. To the south
(Figures 7a, 7b, and supporting information Figures S4a–S4f), RTRs appear to be conﬁned to the updip portion
of the fault, adjacent to the source region that hosted the 2010 inter-ETS episode (Figure 4). AofA data are not
available to constrain other inter-ETS events. But by visually inspecting tremor catalogs derived from waveform
envelope cross-correlation [Wech, 2010], we ﬁnd that other inter-ETS episodes occur at least once a year in
roughly the same area as the March 2010 episode, including in April/May 2011. We speculate that the downdip
portion of the southern source region is destressed by these inter-ETS events, which inhibits RTRs from extending into this area. But perhaps surprisingly, we note that this area of low prestress does not seem to
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Figure 8. Four contiguous time windows showing a large-scale RTR that starts as tremor migrations propagating updip (a) and then downdip (b) along the main front. In the inset of (c),
the ﬁve blue circles delineate the four time windows illustrated. The time window shown in Figure 8c is marked by the vertical-dashed lines. The rest of the symbols are as in Figure 7.

signiﬁcantly slow the propagation of the main front through this down-dip region during the major 2010 and
2011 ETS events, although the density of tremor detections during this propagation is generally signiﬁcantly
lower downdip than updip.
We observe several quasi-RTRs in the northern region that have a diffuse migration pattern, with a front that
is wider in the propagation direction, and a longer duration of activity at one spot (Figure 7c and supporting
information, Figures S4g–S4i). The along-dip extent of these quasi-RTRs is about 40 km, 2–3 times larger than
for the ‘‘skinny’’ RTRs to the south. The fact that our method is capable of resolving many smaller-scale alongdip migrations in the north (e.g., Figure 6c and supporting information, Figures S3c and S3d) indicates that
this elongation is not due to location error. This observation is consistent with the RTRs being conﬁned to
regions of high prestress, since the rupture during the inter-ETS episodes terminates at greater depths in the
north. Note that most of these diffuse quasi-RTRs in 2010 and 2011 and their large along-dip elongation can
be readily imaged by the closer array trios, such as TB-BH-LC (supporting information Figures S4g–S4i).
The RTR rupture extent seems consistent with being limited to regions of high prestress, but we cannot rule
out other possible explanations. For example, the source region that hosts the inter-ETS episodes might not
be capable of rupturing repeatedly after the main ETS front has passed. We note that RTRs are not common
during the 2010 inter-ETS event, although supporting information Figure S3a shows a possible RTR propagating from west to east at a speed of 500 km/d during this event.
3.4. Detailed Migration Patterns of RTRs
A closer examination reveals several noteworthy features of the RTRs and quasi-RTRs:
1. All RTRs that occurred while the main front was within our study region originated from the main front,
and many emerge from RTMs that propagate along the main front (Figure 8 and supporting information
Figure S5). As an example, Figure 8 shows an RTR lasting for 9 hours, previously identiﬁed at lower resolution by Thomas et al. [2013], divided into four contiguous time windows. This RTR ﬁrst propagates updip
along the main front (Figure 8a), then downdip perhaps slightly behind the front (Figure 8b), subsequently propagates backward about 45 km along strike, skirting the region destressed by the inter-ETS
events (Figure 8c), and ﬁnally evolves into an elongate front propagating downdip well behind the main
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front (Figure 8d). This is the only
RTR in our catalog that extends
into the entire source region destressed by the inter-ETS events.
2. The skinny RTRs to the south
repeatedly occupy the same
region during a single ETS event,
and extend  30 km behind the
main front (Figure 5, supporting
information Figures S1 and S2).
3. For the skinny RTRs with a simple
unilateral propagation pattern,
we observe a wide range of propagation velocities. These RTRs
appear to generally slow from
one to the next, from about
1000 km/day to 250 km/d (Figures 9a and 9b).
4. The migration patterns of largescale quasi-RTRs to the north are
generally more complex and diffuse than those to the south (Figure 7d, and supporting information
Figures S4g–S4i). They generally
last longer than the skinny RTRs,
and propagate much more slowly
( 100 km/d), and their front
widths in the propagation direction are much larger (Figures 9c
and 9d). This may reﬂect a change
of either fault properties or stress
state from south to north.
5.
Previous studies found that the
Figure 9. Along-strike and along-dip locations as a function of time during the RTRs
and quasi-RTRs in 2010 (red) and 2011 (blue), marked by black bars in Figure 5 and
occurrence of many RTRs corresupporting information Figures S1 and S2. (top) The southern RTRs imaged by TBlates well with high thrustBH-GC, and (bottom) the northern quasi-RTRs imaged by TB-BH-LC. Dashed lines
promoting tidal shear stresses
indicate reference propagation speeds. The start time of each migration is shown to
the right. During each episode, the rupture area of these RTRs greatly overlap. The
[Thomas et al., 2013; Peng et al.,
less steep slope of the along-strike locations of the RTRs that occurred later during
2015; Bostock et al., 2015]. Howeach episode indicates lower propagation velocities.
ever, this correlation for the earlier repetitions of the skinny RTRs
is not very signiﬁcant, as can be seen in the time-distance plots in Figure 5 and supporting information
Figure S2. During 16 August 2010 and 15 August 2011, the recurrence interval of the RTMs well behind
the main front is longer than that of those closer to the main front, but shorter than tidal periods. As an
example, Figure 7a shows a case where the RTR began when both the tidal stress and stressing rate
were low. In contrast, the later repetitions of these RTRs (Figures 7b, 8c, supporting information Figures
S4c and S4f), as well as the diffuse quasi-RTRs to the north (supporting information Figures S4g–S4i), are
well correlated with high tidal stresses, suggesting tidal modulation [Thomas et al., 2013; Peng et al.,
2015].
6. Although the spatial distribution of tremor asperities appears to be patchy, RTRs are coherent across
regions of low tremor density (Figure 7 and supporting information Figure S4), as was also observed
beneath southern Vancouver Island [Peng et al., 2015]. This is consistent with the expectation that the
underlying slow slip may be more continuous spatially than the detected tremor [e.g., Vidale et al., 2011].
We also note that tremor represents only the high-frequency band of the complete ETS process. For
example, Ide and Yabe [2014] detected very low-frequency earthquake (VLF) signals by stacking
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broadband seismograms according to the timing of tremor, and suggested that seismic energy in the
VLF band may be prevalent through the whole ETS zone. Recently, Ghosh et al. [2015] reported a few
VLFs in the same general study area as in this paper, showing a clear correlation in space and time with
tremor activity to the ﬁrst order. But the detailed connection between tremor, VLFs and geodetically
observed slow slip remains unclear.

4. Implications for the Physical Mechanisms of ETS
In a high-resolution study of an area less than 10 km across beneath southern Vancouver Island, Rubin and
Armbruster [2013] observed many small-scale RTRs, up to a few kilometers in extent, that also started from
the main front and propagated at speeds of 250–500 km/d. The recurrence intervals were much shorter
than tidal periods. In the same general region, Peng et al. [2015] examined an area about 20 km across and
found several intermediate-scale RTRs that also started at the main front, and that in some cases evolved
from tremor migrations along the main front. Their largest RTRs were clearly correlated with high tidal
stresses, but for many of these RTRs the main front had already moved beyond the region they could
image, given the available station distribution. In the current study, we observe many large-scale RTRs in
the southern portion of our study region originating from the main front and propagating 30–50 km backward. Thus the RTRs imaged in all three of these studies, although of different sizes, repeatedly occupied
the same region during a single ETS event.
An observation common to the three studies is that RTRs that occurred while the main front was within the
study region invariably began at the main front regardless of their size. We note that the back-propagating
fronts that arise in the tidally driven but spatially homogeneous simulations of Hawthorne and Rubin
[2013b] begin well behind the main slow slip front (by a large fraction of the along-dip extent of slow slip),
where the fault has already begun to heal and experiences increased stress due to continued propagation
of the main front. This seems to make their model RTRs poor analogs for those observed. The observed
behavior seems more consistent with the simulations of Luo and Ampuero [2014], where modeled tremor
reversals are triggered by the failure of relatively large brittle asperities just behind the main slow slip front.
When their background fault is velocity-strengthening at steady state, these reversals can propagate much
faster than the average speed of the main front, as observed. We note that most of the RTRs we image do
not begin at times of large tremor amplitude (e.g., Figures 7 and 8, supporting information Figure S4), but
with many RTRs originating as migrations along the main front, it is possible that the cascading rupture of
tremor events near the main front could at some point serve to initiate the reversal. If correct, this implies
that tremor may not be merely a passive indicator of the underlying creep, but could sometimes signiﬁcantly inﬂuence the propagation of slow slip, even though the seismic moment release in the frequency
range of tremor is only about 0.1% of the total geodetic moment of the contemporaneous slow slip [Kao
et al., 2010]. Nonetheless, it is not yet clear whether the spatially heterogeneous but frictionally simple
model of Luo and Ampuero [2014] can account for the repeated occurrence of RTRs in the same source
region.
Combining observations from beneath southern Vancouver Island and the Olympic Peninsula, we ﬁnd that
tremor bursts that extend tens of kilometers behind the main front gradually progress to being tidally
modulated, while those that remain close to the main front do not. This is consistent with the observations
of Houston [2015] that tremor becomes increasingly sensitive to tidal shear stresses with increasing distance
behind the main front, since well behind the main front tremor sources rupture mostly during RTRs or
quasi-RTRs. A potential explanation for this observation is that in elastic crack models, slip speeds are highest in the vicinity of the rupture front. Any locked tremor asperities would therefore be expected to experience their largest stressing rate when they are near the main slow slip front. Tidal stressing rates might
therefore be too low to signiﬁcantly inﬂuence the propagation of RTMs near the main front, but large
enough to inﬂuence them tens of kilometers behind the front, where average slip speeds might be two
orders of magnitude lower [Hawthorne and Rubin, 2013b].
However, this mechanism by itself cannot explain how the earlier repetitions of the ‘‘skinny’’ RTRs, which
appear not to be driven by tidal loads, still propagate 30–40 km backward (e.g., Figure 7a), where the stress
increase due to continued propagation of the main front is small [Hawthorne and Rubin, 2013b]. In addition,

PENG AND RUBIN

TREMOR BENEATH THE OLYMPIC PENINSULA

598

Geochemistry, Geophysics, Geosystems

10.1002/2015GC006141

although the later repetitions are tidally modulated, they occur in the same source area repeatedly. Because
each is associated with a stress drop, and because the peak tidal stresses does not increase signiﬁcantly
from one tidal cycle to the next, the absolute stress level on the fault must decrease from RTR to RTR if no
other external forcing mechanism exists. Such a stress decrease does not arise from conventional rate-andstate friction laws, which have been frequently adopted to model slow slip (see summaries in Rubin [2008]
and Rubinstein et al. [2010]). So this may require an additional time or slip-dependent weakening of the fault
that is not accounted for in these types of models. An alternative possibility is that continued aseismic slip
in the surrounding region drives these large-scale RTRs. There is evidence that signiﬁcant slow slip in Cascadia extends 10–20 km updip of the updip extent of tremor [Wech et al., 2009; Houston, 2012]; loading of the
RTR zone could possibly come from these updip regions. Yet another possible mechanism is that a pore
pressure increase well behind the main front acts as an additional forcing. In models where slip is made
slow by dilatancy and pore pressure reduction in response to an increase in slip speed [e.g., Segall et al.,
2010], most of the slip occurs in regions where the pore pressure has recovered to nearly its initial value.
Thus this recovery occurs quite close to the main front, relative to the overall dimensions of the slow slip
region (if this were not the case, there would be no stress drop to drive slip). Mechanisms for large pore
pressure increases well behind the main front remain speculative.
One of the most striking features of tremor catalogs is the very different propagation speeds of the main
tremor fronts and the secondary fronts that arise behind them. The propagation velocities of the RTRs and
quasi-RTRs we imaged are in the range of 1022103 km/d, 1–2 orders of magnitude faster than that of the
main front. One of the goals of numerical models of slow slip is to interpret this observation in terms of the
underlying properties of the fault. In elastic crack models, if the total amount of slip D accumulates within a
distance L of the propagating front, and if L is shorter than the extent of rupture perpendicular to the propagation direction (i.e., shorter than the downdip extent, for typical SSEs), then
Vprop L Cl
5 5
Vslip D Ds

(2)

where Vprop is the average propagation velocity, Vslip is the average slip rate, l is the elastic shear modulus, Ds
is the average stress drop, and C is a geometric constant of order unity [Rubin and Armbruster, 2013]. Thus the
Vslip
observed propagation speeds suggest that the ratio Ds
for these RTRs and quasi-RTRs is also 10–100 times
that of the main front. It may be possible to further partition this factor between Vslip and Ds. L can be estimated from tremor catalogs by equating it with the spatial extent of active tremor behind the propagating
front. An independent estimate of D would then allow one to determine if the larger propagation speeds of
the RTRs were due to larger slip speeds, smaller stress drops, or some combination. Using different sets of
assumptions, with different shortcomings, Rubin and Armbruster [2013] and Royer et al. [2014] estimated stress
drops during RTRs that were, respectively, comparable to, and one order of magnitude smaller than, that of
the main front, implying slip speeds that were larger by either the ratio of the propagation speeds [Rubin and
Armbruster, 2013] or an order of magnitude less than that [Royer et al., 2014]. Resolving this issue might be
possible by including other types of data. Using borehole strainmeter data, Hawthorne et al. [2015] estimated
that the moment rate (proportional to the product of Vslip and the actively slipping area at a given time) of
RTRs beneath southern Vancouver Island was about twice that of the main front, with the latter deﬁned as an
average over a few days. Assuming just for the purpose of illustration that this same moment rate ratio applies
also to the ‘‘skinny’’ reversals beneath the Olympic Peninsula, which propagate 30–100 times faster than the
main front, we can estimate the ratio of Vslip by using our tremor locations as a proxy for the active fault area.
We ﬁnd from Figure 3 that the along-dip extent of the main front is about twice that of the ‘‘skinny’’ RTRs, and
the front width in the propagation direction is about 20–30 km for the main front, roughly a factor of 3 larger
than that for the skinny RTRs. Given these values, our assumptions would imply that for these RTRs Vslip is
about 10 times higher, and the average stress drop is about 3–10 times lower, than that of the main front.
Analysis of additional strainmeter data is beyond the scope of this paper, but we note that the high slip rate
of RTRs hinted at by this simple calculation seems consistent with the generally high amplitude of the contemporaneous tremor.
Finally, we note that the seismic data used in this study span only two major ETS events and one inter-ETS
event. Although the spatiotemporal evolution during the two major ETS events appears to be similar, longer
and more continuous observation for repeated ETS and inter-ETS events in the same region are necessary
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to validate the mechanics of ETS we propose here. In addition, we are able to image only limited source
regions (about 80 km along strike compared to the 1000 km ETS zone in Cascadia). It is established that
there is signiﬁcant variation and segmentation of ETS along Cascadia [e.g., Brudzinski and Allen, 2007]. Therefore it is of interest to compare tremor migration styles that we observed beneath Olympic Peninsula with
other regions, especially where long-distance propagation of the main front is not observed.

5. Conclusions
Using AofA seismic data, we have developed a new approach to detect and locate tremor that incorporates an
array-stacking technique and cross-station cross-correlations. This provides a means for taking advantage of
the cross-station method to obtain high relative location accuracy, even when the Green’s function given a
source-station geometry contains high amplitude coda that degrades the coherence between widely separated
stations. Our improved locations allow us to image many features of tremor beneath the Olympic Peninsula
that were not visible previously. As was the case beneath southern Vancouver Island, rapid tremor migrations
near the main tremor front usually propagated along the main front. Here we also ﬁnd similar behaviors during
the 2010 inter-ETS event, even though the main front deviated strongly from its usual (along-dip) direction.
This provides a strong constraint on the mechanisms of these bursts. We observe that large-scale RTRs during
major ETS events originate from the main front, and many start by propagating along the main front, which is
similar to smaller-scale RTRs reported previously. This seems consistent with RTRs being triggered by a cascading failure of brittle asperities, although the RTRs do not begin with obviously large tremor amplitudes. The different rupture extents of the ‘‘skinny’’ RTRs to the south and the diffuse quasi-RTRs to the north correlate with
the spatial transition between the rupture zones of the inter-ETS and ETS episodes, which suggests that largescale RTRs might be very sensitive to the prestress on the fault, although different fault properties cannot be
ruled out. The RTRs to the south repeatedly occupy the same source region, and the early repetitions appear
not to be tidally driven. Since the tidal stresses do not increase signiﬁcantly over time, this requires additional
fault weakening processes not accounted for by conventional laboratory-derived rate-and-state friction laws, or
additional loading such as aseismic slip within the surrounding fault surface.
In this study, we demonstrate the potential of tremor locations to illuminate the deformation processes at
the depths of ETS. More high-resolution tremor catalogs from other regions, and from repeated ETS events
in the same region, should lead to an improved understanding of the mechanics of ETS, especially when
combined with borehole strainmeter data.
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